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Task 1
Install, operate and maintain a GNSS network to develop 
applications for seismology
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Motivation:

East component of displacement for 
Valparaiso Mw6.9, 2016

Task 2
Estimate moment magnitude and slip distribution 
of earthquake, ASAP!!, with displacement from 
GNSS observations.
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The Chilean GNSS Network: Current Status
and Progress toward Early Warning
Applications

by J. C. Báez, F. Leyton, C. Troncoso, F. del Campo,
M. Bevis, C. Vigny, M. Moreno, M. Simons, E.
Kendrick, H. Parra, and F. Blume

ABSTRACT

Chile is one of the world’s most seismically active regions and is
therefore extensively studied by the earthquake sciences. The
great length of the country hosts a variety of measurement sys-
tems allowing for the characterization of earthquake processes
over a wide range of timescales and in different phases of the
seismic cycle. Starting in the early 1990s, several research
groups began to deploy continuously operating geodetic net-
works in Chile, forming the core of the modern network of
Global Navigation Satellite Systems (GNSS) receivers used
to monitor geodynamics from the southern tip of the Americas
to the central Andes. Today, the Centro Sismológico Nacional
(CSN) of the Universidad de Chile maintains and improves
this network, increasing its coverage and spatial density while
greatly reducing solution latency. We present the status of the
GNSS network, its data streams, and the real-time analysis sys-
tem used to support real-time modeling of earthquakes. The
system takes 2 s, on average, to collect raw data, estimate posi-
tions, and stream results. Such low latency is essential to en-
abling early warning of earthquakes and tsunamis in Chile.

Electronic Supplement: Figures showing schema of communica-
tion from the stations to the servers used at Centro Sismológico
Nacional (CSN), comparison between velocities derived from
real-timeGlobal Navigation Satellite Systems (RT-GNSS) data, kin-
ematic finite-fault inversion results and waveform comparison, and
results of the estimation ofMw as a function of time, and tables of
station locations and estimated total coseismic displacement.

INTRODUCTION

Deformation rates of the Earth’s surface, derived from modern
space geodesy, constitute the observational basis for physical

models of the earthquake deformation cycle, providing key in-
formation to describe the processes leading up to and following
great events (e.g., Vigny et al., 2011; Ruiz et al., 2014; Schurr
et al., 2014; Duputel et al., 2015; Melnick et al., 2017). Along
the Chilean subduction zone, the Chilean network of Global
Navigation Satellite Systems (GNSS) has been steadily growing
from the early 1990s to the present day, with the earliest sta-
tions coming from different international research projects and
institutions such as the central Andes Global Positioning Sys-
tem (GPS) project (CAP) (Bevis et al., 1999; Kendrick et al.,
1999), the German Research Centre for Geosciences (GFZ),
the currently active Integrated Plate Boundary Observatory
Chile (Angermann et al., 1999; Klotz et al., 2017; Moreno
et al., 2017), the French National Research SUBChile project
by Institute de Physique du Globe de Paris and École Normale
Supérieure in Paris, France (Ruegg et al., 2009; Vigny et al.,
2009), and the Central Andean Tectonic Observatory Geo-
detic Array of the California Institute of Technology (Cal-
tech) (Simons et al., 2010; Bejar-Pizarro et al., 2013).

At the end of the twentieth century, GNSS data from con-
tinuous and campaign observations were primarily used in
Chile and neighboring countries to estimate plate motion
and interseismic deformation (Norabuena et al., 1998; Anger-
mann et al., 1999; Bevis et al., 1999, 2001; Kendrick et al.,
1999, 2003, 2006; Brooks et al., 2003; Ruegg et al., 2009; Mor-
eno et al., 2011; Bejar-Pizarro et al., 2013; Metois et al., 2013;
Melnick et al., 2017). The GNSS network now provides good
spatial coverage throughout Chile’s seismogenic zone, enabling
the observation of the complete seismic cycle, including the
coseismic deformation caused by theMw 8.8 giant Maule event
in 2010 (Vigny et al., 2011; Moreno et al., 2012; Lin et al.,
2013), and by events in Iquique (Mw 8.1) in 2014 (Ruiz et al.,
2014), Illapel (Mw 8.3) in 2015 (Duputel et al., 2015; Melgar,
Crowell, et al., 2015; Ruiz et al., 2016), and Chiloé (Mw 7.4) in
2016 (Melgar et al., 2017; Ruiz, Aden-Antoniow, et al., 2017;
Ruiz, Moreno, et al., 2017). The GNSS network also records
the postseismic transients caused by these events (Bedford et al.,
2013, 2016; Klein et al., 2016). Several researchers proposed
the use of real-time GNSS (RT-GNSS) data to estimate not
only the magnitude of an event but also its rupture geometry
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Estimation of Mw from PGD(Leyton et al. 2018)

Motivation: earthquakes
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How Fast Can We Reliably Estimate the Magnitude
of Subduction Earthquakes?
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Abstract Fast and reliable characterization of earthquakes can provide vital information to the population,
even reducing the effects of strong shaking produced by them. In this study, we explore the minimum time
required to estimate the magnitude for subduction earthquakes. Using traditional P wave earthquake
early warning parameters and considering a progressively increasing time window, we are able to estimate
magnitude for subduction earthquakes ~30 s from the origin time (with an average residual of 0.01 ± 0.28).
However, estimations for larger events (Mw ≥ 7.5) present larger errors (average residual of !0.70 ± 0.30).
We complement our data with Global Navigational Satellite System observations for these events, enabling
magnitude estimations ~70 s from the origin time (average residual of !0.42 ± 0.41). We propose that
rapid estimations of magnitude should consider, initially, P waves in a progressively increasing time window,
and complemented with GNSS data, for large events.

Plain Language Summary Fast and reliable magnitude estimation of earthquakes enables the
preparation of the public to reduce its impact. Here we test known methods to rapidly estimate the
magnitude of subduction earthquakes. We found encouraging results, taking a few tens of seconds to
provide reliable values. However, results for larger events tend to underestimate the real magnitude. Hence,
we propose the combination with other sources of information, such as Global Positioning System, that are
able to resolve these larger events.

1. Introduction

Recent advances in communication and automatic processing of seismic data have enabled fast and reliable
earthquake source estimation, improving the rapid response of public and private agencies as well as the
general public (Kanamori, 2005; Satriano et al., 2011). Indeed, fast estimations of the location, magnitude,
and expected ground motions are the basis of the present Earthquake Early Warning Systems (EEWS) aimed
to prevent losses produced by earthquakes (Colombelli & Zollo, 2016; Heaton, 1985; Satriano et al., 2011). In
general, these systems aim to provide a few seconds warning in advance of the destructive seismic waves of
an earthquake, based on a continuous, real-time, seismic monitoring (Colombelli et al., 2015).

The main principle in usual EEWS is that the information from few seconds of the P wave can provide infor-
mation regarding the magnitude and location of an earthquake (Allen & Kanamori, 2003), and given that
these waves travel faster than the potentially destructive waves, this can provide an actionable warning to
the population to reduce the impact of shaking (Colombelli & Zollo, 2016). However, there always will be a
trade-off between the warning time and the reliability of the information: larger time windows should enable
better knowledge of the event, while giving less time to prepare for its impact; this concept has lead to a
general use of continuous updates in EEWS (Colombelli et al., 2012, 2015; Satriano et al., 2011). Moreover,
Minson et al. (2018), using simple seismological relations, discussed the minimum time required to estimate
the possibility of having strong ground shaking due to an earthquake: they showed that there is a limit given
by the required time for the earthquake to evolve into a large event.

Indeed, a key aspect that remains controversial is whether a few seconds of the Pwave can predict the earth-
quake’s size over a wide range of magnitudes: some authors suggest that an initial rupture will develop into a
large earthquake only if it has enough fracture energy to break across several heterogeneities (Olson & Allen,
2005). In this case, the Deterministic model, the final seismic moment is determined by the initial rupture
(Ellsworth & Beroza, 1995; Zollo et al., 2006). However, as pointed out by Rydelek & Horiuchi (2006), it is
not clear by which mechanism the information between these heterogeneities is transmitted across large
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similar results were found for intermediate-depth, intraplate earthquakes (average residual of 0.00 ± 0.43).
However, for larger events, magnitude 7.5 and above, these estimates become less reliable (average
residual of !0.70 ± 0.30), ~70 s after origin.

Nevertheless, for large events, the GNSS systems provide useful information that enable robust magnitude
estimation within the first couple of minutes from the origin time (average residual of!0.42 ± 0.41, 70 s after
origin); similar results were found for earthquakes in Japan and California by Colombelli et al. (2013). This is
due to the fact that GNSS systems are still not able to precisely record the early P waves, recording only
the largest portion of the shaking, as shown in Figure 5, probably due to the noise levels that currently
real-time GNSS time series present. From this figure, we can see that in all cases, the GNSS is able to record
only the second portion of the shaking, after the S wave arrival, as has been pointed out (Allen & Ziv, 2011).
Hence, independent from the network geometry for a specific case, strong motion stations (using P wave
methods) will always be able to provide faster magnitude estimates, but it might be an underestimation
for large events (Mw ≥ 7.5). On the other hand, GNSS systems required a longer time window in order to
provide useful data; however, these estimations will be more accurate, providing a better estimation of the
magnitude for large events (Allen & Ziv, 2011). Here based on the data analyzed, we propose to consider time
windows of ~30 and ~70 s from origin time, for Pd and PGD, respectively, but more detailed studies should
better constrain these values. Nevertheless, these longer time windows can still provide an alert to the
population: for some localities, it takes more than 80 s for the strong shaking to reach it (see Figure S5 of

Figure 4. Results of fast magnitude estimation for some interplate earthquakes using low-pass-filtered peak displacement (Pd) from strong motion records (blue)
and peak ground displacement (PGD) from GNSS data (green); the vertical whiskers represent in the error in each case, and the height of the green rectangle is
proportional to the number of GNSS stations considered, following the symbols of the lower, right corner. The small black crosses are the individual estimations of a
single station, using Pd; the horizontal red line marks the real magnitude. In the upper, right corner of each panel we show the UTC date and time of the event.
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the supporting information), giving some seconds for the alert to be issued, as observed in other cases
(Crowell, Melgar, & Geng, 2018).

Even though it has been suggested that hypocenter and the location of the peak slip in the fault are statis-
tically close (Mai et al., 2005) or not independent (Olson & Allen, 2006), the examples shown in Figure 5 show
no clear correlation between them. In fact, 2015 Illapel (Mw 8.3) and 2014 Iquique (Mw 8.2) earthquakes
present nucleation phases of ~20 and ~30 s, respectively, only observable in the strong motion data (Ruiz
et al., 2014, 2016). This complex nucleation could explain the difficulties to extend the observations from
low-to-moderate magnitude events to those with magnitude above 7.0; moreover, this complexity has been
suggested as responsible for the failure of traditional EEW parameters, as in the case of the 2011 Tohoku-Oki
earthquake (Colombelli & Zollo, 2016). Nevertheless, as suggested by Rydelek et al. (2007), we believe that the
analysis of Pwave can still be useful to issue a warning that a large earthquake has occurred, given that some
threshold have been exceeded in the network.

5. Conclusions

The saturation of EEW parameters is due to, at least, the following: (1) the limited portion of the P wave that
can be analyzed in the near field, given the prompt arrival of the S wave (Colombelli et al., 2013), and (2)
complex nucleation of large-magnitude events. Nevertheless, for the events studied here, we require ~30 s
to estimate the magnitude of an event Mw ≤ 7.0 (with an average residual of 0.10 ± 0.28); for larger events,
longer time windows are required, as discussed in Minson et al. (2018). In our case, considering GNSS data
and its station’s geometry, ~70 s time window is required to get a robust estimation of magnitude. In the
present study, GNSS data severely underestimate the magnitude (average residual of !0.42 ± 0.41, ~70 s
from origin time), probably due to the use of a global regression instead of a local one, as previously
discussed, and availability of data in CSN’s real-time conditions.

Given the performance of usual EEW parameters and GNSS data, for subduction earthquakes, we propose a
strategy composed by two data sets: triggering and first location should come from seismic data, giving a
preliminary magnitude and, in case it exceeds a given threshold (e.g., Mw 6.5), systems should consult the
GNSS streams to look for clues of a large event.

Figure 5. Comparison of strong motion and GNSS east–west time series (recorded at stations with collocated accelerometer and GNSS antenna), for the 2015 Illapel
(Mw 8.3; top) and 2014 Iquique (Mw 8.2; bottom) earthquakes. Left panels (a and d) show amapwith contour lines of dislocationmodels, from Ruiz et al. (2014, 2016);
the black stars mark the epicenter and the black circles the stations. Selected stations are marked by the corresponding station code. In panels b, c, e, and f, we
marked the P and S wave time arrival, Pt and St, respectively, with vertical, dashed lines.
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2.- discretization of contact

3.- Inversion method

Physic model: (Okada, 1985)
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- Semi space geometry
- Homogenous media
- Elastic linear response
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We use the scaling law proposed by Crowell et al. [2013] for PGD which includes magnitude-dependent
attenuation to account for the relative strengths of the near-, intermediate-, and far-field seismic
radiation terms

log PGDð Þ ¼ Aþ B %Mw þ C %Mw % log Rð Þ: (2)

where A, B, and C are the regression coefficients, Mw is moment magnitude, and R is the source to
station distance.

From the 1321 PGD measurements, and using the earthquake magnitudes for each event determined from
finite fault inversions or centroid moment tensor (CMT) calculations (Table 1), we perform the regression for
coefficients A, B, and C using an L1-norm minimizing solver that does not have strong sensitivity to outliers
[Shearer, 1997]. The data from each earthquake are weighted by the norm of the vector of all its PGD
values. This is necessary to keep events with more PGD measurements from dominating the inversion; in
this way each earthquake is weighted equally in the regression. The uncertainties of the regression
parameters cannot be directly calculated for an L1-norm minimizing inversion. We therefore estimate
them using a bootstrap approach where we randomly remove 10% of the PGD measurements and rerun
the regression. We repeated this procedure 1000 times to estimate the variance of the coefficients. Once
the variance is known, we can present the uncertainties as the 95% confidence intervals of each coefficient.

Once the regression coefficients have been determined, we retrospectively analyze the time series to determine
how quickly magnitude could have been determined had the scaling law been known at the time of the event.
At 1 s intervals, and assuming that there is an estimate of the event location (which will be true if an EEW system
is present in the area), we apply the regression to the observed PGDs at all sites and solve for magnitude.
We test three traveltime masks at 2, 3, and 4 km/s for this magnitude calculation. An imaginary spherical

Figure 2. Sample GPS waveforms used in this study. The black lines are unfiltered displacement time series used for PGD
calculation. The colored lines show the waveforms filtered with different five-pole Butterworth high-pass filters. The filter
corners (fc) are those typically used when processing accelerograms [e.g., Kamai and Abrahamson, 2014]. The results illustrate
how PGD computations with filtered displacement data will ultimately underestimate its value and lead to saturation.

Geophysical Research Letters 10.1002/2015GL064278
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wavefront radiates outward from the source, and only stations within this travel-time mask are included in the
magnitude calculation. In this way, stations far away that are recording noise before seismic motions occur are
kept from contaminating the calculation. This is also in keeping with the idea that PGDwill occur once the static
offset, which travels at S wave speed [e.g., Grapenthin et al., 2014], is fully developed.

3. Results

The PGD measurements for all events are shown in Figure 3. The regression coefficients computed are
A=!4.434 ± 0.141, B= 1.047 ± 0.022, and C=!0.138 ± 0.003, and the standard error of the magnitude
residuals is 0.27 magnitude units. For most subduction zone events there are no records at hypocentral
distances shorter than 80 km. The exception is the Nicoya, Costa Rica, event which has GPS stations on a
peninsula directly over the source area [Protti et al., 2014] and thus hypocentral distances as short as
40 km. These mostly reflect the depth of the source (30 km). The two large strike-slip events (North Aegean
Sea, Greece, and El Mayor-Cucapah, Mexico) have PGD measurements between 50 and 900 km. Notably,
the smaller strike-slip events (Parkfield and Napa in California), which occurred inside the GPS networks
of the west coast of the U.S., were measured at quite short distances: 10 km for Parkfield and 18km for Napa.
The range of measured PGDs is from 1 cm to almost 6m for the Maule, Chile, and Tohoku-oki, Japan, events.

The results of the retrospective magnitude calculations are shown in Figure 4. We plot the evolution of
magnitude for three different traveltime masks. Uncertainties at each epoch are determined using the
regression coefficient uncertainties. Superimposed on the plots are the source time functions for kinematic
slip inversions of each event (Table 1) except for the Parkfield and Aegean Sea events, where we have used
the rise time from their centroid moment tensor solutions as a proxy for duration. For the Tohoku-oki event,
a preliminary magnitude of Mw8.5 is computed within 60 s and a final magnitude of Mw9.1 is reached by
100 s. Similarly, for the Maule earthquake an estimate of Mw8.8 is reached by 50 s and a final magnitude of
9.0 by 90 s. For the remaining events with magnitudes larger than 6.8, final magnitudes are obtained within
60 s and in most cases before rupture is finished. For the smaller Parkfield and Napa earthquakes,
magnitudes close to the final magnitude are obtained within 10 s and final stable solutions by 30 s.
The Mentawai, Indonesia, and Aegean Sea, Greece, events are somewhat underestimated, while the

Figure 3. Scaling of peak ground displacement measurements (PGD). The oblique lines are the predicted scaling values
from the L1 regression of the PGD measurements as a function of hypocentral distance.
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Example 1:  Maule Mw8.8 2010
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Example 2: Valparaiso Mw 6.9 2017 
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The relation among small, large and mega-earthquakes in central Chile

The overall decadal velocity field shows an increase in the velocities in the sense expected from interseismic
contraction in the Chiloé region (Figure 2). Interestingly, the pattern of postseismic deformation that followed
the 1960 event seems to have rapidly ended after the 2010 earthquake. This is quite clear in the time series of
the cGPS station ESQU (Figure 2a). Before the 2010Maule earthquake, ESQUwasmoving toward the trench at
8.97 ± 0.39 mm/yr, as a result of post-1960 mantle relaxation [Hu et al., 2004]. Immediately after the 2010
earthquake, the linear velocity trend of ESQU reduced to 0.72 ± 0.12 mm/yr, probably due to a complex read-
justment in mantle flow patterns, which could be interpreted as an apparent end to post-1960 mantle flow.
The increase in velocities estimated at sites PM01 and CSTO (Figures 2b and 2c) located above the locked
portion of the seismogenic zone suggests locally enhanced shortening rate in the upper plate, which
probably reflects an increase in the degree of interseismic plate locking. On the other hand, sites MELK
and GUAF (Figures 2d and 2e) show no significant variation after the 2010 earthquake, suggesting that this
area has not been affected by the Maule megathrust earthquake. The large landward velocity gradient
between these stations suggests a high degree of locking in the Chiloé area since at least the year 2009
(Figure 3).

3. Modeling the Rupture of the Mw 7.6, 2016 Chiloé Earthquake
3.1. Data

After the 2010 Maule megathrust earthquake in central Chile, continuously recording seismological instru-
ments and GPS stations were deployed by the National Seismological Center of the University of Chile

Figure 3. Degree of plate locking and velocity field before the 2010Maule earthquake. GPS vectors have been corrected by
viscoelastic relaxation following the 1960 earthquake. Blue star denotes the epicenter of Chiloé earthquake.

Geophysical Research Letters 10.1002/2017GL074133
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in the vicinity of the CSN epicenter.We then com-
puted the aseismic slip for the period from 10
March to the mainshock that extends over an
area of 70 km by 20 km located between the fore-
shocks and the coast (Fig. 4).
The 1 April 2014 Iquique earthquake started

with a small shock at the northern end of the
region activated by the precursors that occurred
in March (19.57°S, 70.91°W). The peak seismic
moment release rate during the Mw 8.1 earth-
quake took place ~30 s after the initial nucleation
(fig. S6). We used standard teleseismic methods
(17) to invert for the coseismic slip of the main
event and its large Mw 7.6 aftershock that oc-
curred 2 days later (Fig. 2 and figs. S6 and S7).
The maximum slip associated with these events
was deeper than that of the March precursors
and ~20 km inland, affecting areas of higher
coupling (>0.6). Coseismic slip appears to over-
lap (at least partially) with the slow slip event
(SSE) (Fig. 4), but no substantial coseismic slip
occurred in the LCZ (Fig. 1). Whereas precursory
seismicity migrated northward, the mainshock
and its aftershock propagated toward the south,
similar to what was observed for the 2007Mw 7.8
Tocopilla earthquake (7, 8).
The LCZ off the coast of Iquique can be as-

sumed to play a key role in the events that

occurred in northern Chile during, and in the
20 years preceding, this precursory sequence.
The seismic swarms detected since 2008 oc-
curred on the edges of the LCZ, and most mod-
erate seismicity took place preferentially in zones
of intermediate coupling (see inset in Fig. 1 and
fig. S8), suggesting that aseismic creep occur-
ring on the LCZ triggered seismic activity in its
vicinity. Up to now, SSEs have remained unde-
tected by the cGPS network operating in north-
ern Chile for more than a decade. Nevertheless,
the very inference of a LCZ off the coast of Iquique
implies some degree of accommodation of plate
convergence by aseismic slip, which might op-
erate by repeated SSEs. We postulate that until
now, either the magnitude of these SSEs was too
small, or they occurred too far from the coast
to be detected by GPS measurements. The only
major change we detected in plate convergence
in the area before 2014 was a long-term velocity
change at the cGPS station operating in Iquique
since 1995 (UAPE): its eastward velocity decreased
after 2005 by ~20%, from 19.5 to 15.2 mm/year
(fig. S9). This suggests that interseismic loading
has beendecreasing in the Iquique areaduring the
past decade, probably reflecting a very SSE oc-
curring on the decadal scale. This change could
have been triggered by the deep intraslab 2005

Mw 7.7 Tarapacá earthquake that generated
little postseismic relaxation (fig. S9).
Together with the fact that the Mw 8.1 main-

shock and Mw 7.6 aftershock ruptures did not
penetrate into the LCZ, the foreshock sequence
and slow slip preceding the Mw 8.1 event argue
for a creeping Iquique LCZ. Because SSEs are
often associated with seismic swarms (18), we
propose that the seismicity observed in northern
Chile since 2008 was triggered by a SSE, devel-
oping for several years and accelerating during
the final foreshock sequence as in the preslip
model of nucleation (19). As suggested bymany
laboratory experiments (20), the SSE might have
occurred in the nucleation zone of the impend-
ing megathrust rupture (Fig. 4). This precursory
sequence included several shallow crustal events
that took place near the 16 March foreshock;
these eventsmay be associatedwith the activation
of a listric fault in the outermost fore-arc. This
area is poorly known due to the lack of marine
seismic profiles, but it may be similar to the
eroded wedge enhanced by fracturing imaged
at 22°S (21).
Several other subduction earthquakes were

preceded by precursory seismic activity (12); in
particular, the 1985 Valparaiso Mw 8.0 (22) and
2010 Maule Mw 8.8 (23) Chilean events and the
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Fig. 3. Motion of coastal GPS stations preced-
ing the Iquique earthquake. (A) North and (B)
east components relative to a linear evolution
model with seasonal variations estimated since
2012 (14).The thick red line denotes the origin time
of the mainshock, whereas the black dotted lines
show the occurrence times of the Mw > 6 fore-
shocks. Error bars indicate 1s formal uncertainty.
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full dynamic inversion considering the ellipse approximation (Ruiz & Madariaga, 2011, 2013), using the
strong-motion records from this earthquake (evtdb.csn.uchile.cl). We filtered them between 0.02 Hz to
0.1 Hz, and we integrated twice the traces to compute the dynamic inversion (Figure S6). We inverted for
10 parameters that completely describe the geometry and rupture process of the asperity (see details in
Herrera et al., 2017). The frictional parameters are defined by three parameters proposed by Ida (1972):
slip weakening distance (Dc), stress drop (Te), and yield stress (Tu). Wave propagation from source to
receivers was computed with the AXITRA code of Bouchon (1981) and Coutant (1989). The velocity model
used to generate synthetics is in Table S1. For the inversion, we used an L2 misfit function between

Figure 3. Valparaiso GPS time series and slip distribution of nucleation phase. (a) East–west daily GPS solution for TRPD
station. An accelerated movement to west is observed 4 days before mainshock. (b) Six hours GPS solution at TRPD
station; the nucleation phase is observed in more detail before the mainshock. (c) Slip distribution inverted considering the
2 day movement detected by the GPS stations; in Figure S3 we show the time series of TRPD, CTPC, and ROB1 GPS stations.
The colored arrows are the real GPS vector data, and the transparent arrows are the simulated GPS vectors.
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This is in agreement with the degree of pre-2016 locking, implying 
that the 2016 earthquake released most of the elastic strain accumu-
lated over 56 years in this area. The epicentre and aftershocks of this 
event were located just up-dip of the zone of highest coseismic slip, 
similar to the location of the background seismicity recorded before 
201630 (Fig. 2a). Interestingly, the aftershock sequence featured rela-
tively low magnitudes (Mw <  5.5) and event numbers rapidly decayed 
with time (Supplementary Fig. 6), suggesting the regions surround-
ing the mainshock were below the critical conditions for failure.

The seismogenic zone in this area has been inferred to be shal-
low and controlled by a hot and young (13 Ma) incoming Nazca 
Plate30. The seismic to aseismic transition along the interface has 
been mapped at ~30 km depth and coincides with an isotherm of 
~325 °C, close to the tip of the hydrated mantle wedge at the inter-
section of the slab with the continental Moho31 (Fig. 2c). Below this 
limit, neither interseismic microseismicity30 nor aftershocks of the 
2016 event have been recorded, indicating a rheological regime 
where creep is dominant.

Using offshore multichannel seismic reflection data 
(Supplementary Fig. 7), we mapped the morphology and distribu-
tion of Tertiary forearc basins. We find that Guafo Island lies over a 
sedimentary basin, which has a thickness of ~750 m at the depocen-
tre. A patch of high interseismic locking and large 1960 slip release 
is coincident with a region of negative anomalous gravity32 in the 
basin area (Fig. 2). The relation between gravity lows (basins) and 
concentration of coseismic slip (high locking) has been linked with 
elevated effective coefficients of friction and thus higher shear fault 
strengths (greater resistance) that cause long-term (million year 
timescale) topographic depressions14,33. The continental basement 
has a local high (ridge) that delimits the eastern border of the basin. 
This ridge structure correlates with a relative gravity high, which 
coincides with the downdip end of the locked zone as well as of the 
downdip extents of the 1960 and 2016 coseismic ruptures. Such a 
gravity high has been observed globally along subduction zones32, 
and has been inferred to represent an expression of the long-term 
stability of the downdip limit of the seismogenic zone. Likewise, the 
ridge structure could be caused by the transformation of interseis-
mic strain into permanent geologic strain via faulting, folding and/
or buckling of the inner forearc at the transition between unstable 
(seismic) and stable (aseismic) sliding32.

Stress build-up along the seismogenic zone
Heterogeneity in frictional strength at the plate interface is a first-
order control on earthquake rupture and frequency34. The spatial 
correlation between the forearc structure and the kinematics of both 
the 1960 and 2016 events suggests a depth-varying frictional seg-
mentation along the seismogenic zone (Fig. 2c), with the shallower 
segment being the highly coupled portion of the fault (higher shear 
strength state at depths shallower than 20 km), and the deeper seg-
ment localized in the narrow transition from unstable to stable slip 
(the rupture zone of 2016 event at 20–30 km depth).

Inspired by the observed correlation, we investigated the fric-
tional structure of the seismogenic zone with a mechanical model 
designed to simulate the evolution of stress build-up due to the steady 
subduction35 of a coupled asperity under the Coulomb friction fail-
ure criterion. Our model outputs the spatiotemporal evolution of 
tractions (stresses on the fault plane) for a heterogeneous frictional 
seismogenic zone under tectonic stress loading. We do not attempt 
to model the complex dynamics of rupture6,36 and subsequent heal-
ing37, which are of short duration compared with the period of stress 
build-up of a 2016-class earthquake (56 yr assuming that the 1960 
event released all stress in the 2016 zone). In our model, a higher 
coefficient of effective friction clamps a segment of the fault (no 
sliding) until the frictional forces overcome the fault strength and 
the coupled section begins to slide. Aseismic slip occurs around 
areas with a lower effective coefficient of friction, where the weaker 
interface fails due to a smaller resisting shear strength. The clamp 
model produces a deformation halo of low creep rate surrounding 
the coupled asperity that in turn causes higher strain rates downdip, 
effectively loading these areas while shielding updip portions of the 
asperity (Supplementary Fig. 9) due to the shadowing of stresses38.

It is important to note that the size of the coupled asperity and 
the frictional contrast around the asperity control both the pattern 
of strain energy concentration at the downdip end and the rupture 
interval (time when a fault segment begins sliding without building 
extra stress) (Supplementary Fig. 9). Accordingly, larger asperities 
require more time to reach the critical failure state. We tested a wide 
range of frictional contrasts based on the distribution of locking 
degree to define the boundary of the coupled asperity. We found a 
significant spatial correlation between the shear stress accumulation 
after 50 yr of interseismic loading in the deeper fault portion and the 
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section of the seismogenic zone (Fig. 5). This observation cor-
roborates our conceptual model of the deeper segment being inter-
seismically strained. This mechanical behaviour appears to have a 
major impact on the long-term morphology of subduction margins 
as suggested by the relation of forearc basins with seismic asperi-
ties14–16 and the permanent emergence of coastlines above deeper 
seismogenic segments46.

In summary, we propose that a variation in pore fluid pressure 
induces a downdip zonation of frictional strength along the plate 
interface. The frictional contrast at depth may thus control the lag 
time between deeper seismic ruptures (such as the 2016 event) and 
great shallower megathrust earthquakes (such as the 1960 event). 
Hence, deeper 2016-class earthquakes may be considered as a first 
phase of energy release that precedes failure of the shallower region 
during great earthquakes. Rupture of the shallow segment could 
drive failure of the downdip region even if the latter has experienced 
more-frequent smaller events, resulting in a 1960-class earthquake. 
Although our model assumes uniform properties along-strike, in 
nature the frictional contrast may vary along strike, making the 
failure time different at different along-strike segments. The central 
part of the 1960 rupture zone seems to be highly locked28 in a wider 
along-strike segment than in the 2016 region. This suggests that 
either the fault strength is uniform over a larger along-strike seg-
ment or that the friction contrast at depth is relatively low, allowing 
a bigger area to be clamped over a longer period. Our model predicts 
that as interseismic strain builds up, more 2016-class events should 
occur along the 1960 rupture zone. These forthcoming events will 
allow a better understanding of along-strike frictional variations. 
Further development of this modelling strategy, such as incorporat-
ing variations of frictional behaviour in the strike direction, could 
be used to estimate the critical failure threshold of asperities and 
their time-dependent seismic potential.

Methods
Methods, including statements of data availability and any asso-
ciated accession codes and references, are available at https://doi.
org/10.1038/s41561-018-0089-5.
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distributed only during the first years of Chile’s military
government in the mid 1970s) in the soil (Supplementary Fig. 6).
This artifact dates the lower part of the soil horizon to shortly
after emergence of the platform in 1960. Rapid soil development
on intertidal areas that emerged in 1960 was likely boosted by the
high mean annual precipitation (~3000 mm) and abundant
supply of nutrients from the steep slopes of the adjacent
rainforest (Fig. 3d). This inference is supported by observations
made at Guamblin Island (~100 km south of Guafo) by George
Plafker in 1968 that documented the incipient development of
new soil on a former marine surface25.

At Caleta Rica (Fig. 2), 1974 aerial imagery shows that the
emerged bedrock platform had been rapidly colonized by a wet
meadow/fen, probably with rushes, grasses, and bushes
(Supplementary Fig. 7). By 2008, however, during our first
visit to the island, the lower part of the soil AO horizon was
being eroded by tides, and locally, dead growth-position roots
and stumps of young trees and bushes killed by tides were still
attached to the platform (Figs. 2d and 3b–d). Immediately
above high tide, we found a plant community of young, gray,
defoliated trees, including Luma apliculata and Drimys winteri,
together with healthy salt-tolerant rushes (Juncus) and
cordgrass (Spartina). Landward and above the defoliated trees,
similar communities are healthy suggesting the edge of the
lowland fen is slowly dying as a result of saltwater inundation
caused by RSL rise (Fig. 3a).

Thus, stratigraphic, geomorphic, and ecologic evidence,
combined with imagery comparisons, show that RSL on Guafo
fell suddenly in 1960 as a result of coseismic uplift, and was
followed by RSL rise in subsequent decades. The post-1960 soil
on the platform buries sessile organisms that lived attached to the
bedrock before the earthquake. Today, well preserved remains of
lower intertidal flora (Lithothamnum, coralline algae) and fauna
(Petricola dactylus and Petricola patagonica, borer bivalves) have
been exhumed by erosion of the soil (inset in Fig. 3d). The fact
that the post-1960 soil developed above the bivalves shows that

the lower intertidal platform where they lived was raised above
high tide after the earthquake; the current tidal erosion of the soil
requires subsequent slow RSL rise.

Land-level change rates after the 1960 earthquake. To quantify
the rapid post-1960 subsidence on Guafo, we combined the
results of our historical imagery analysis with numerical models
tuned by campaign and continuous GPS measurements (Figs. 4
and 5). First, we estimated the rate of post-1960 RSL rise by
mapping successive positions of the shoreline (i.e., limit between
dark bedrock abrasion platform and light sandy beach) on aerial
imagery (Methods, Fig. 2c, Supplementary Fig. 7). We estimated
the vertical displacement rate from the horizontal inland shift of
the shoreline using local slopes (Supplementary Fig. 8) along 400
topographic profiles oriented normal to the shoreline (Fig. 2b); in
this way, we obtained distributions of RSL rise rates from each
image pair (Figs. 2b, 5a and Supplementary Fig. 9). These RSL rise
rates were then converted to land-level change rates by sub-
tracting a mean absolute sea-level change rate determined from
satellite altimetry (Fig. 5b). We validate our rates from aerial
imagery by comparing them with land-level change rates deduced
from the campaign GPS benchmark GAFO (installed in 1994 and
resurveyed in 2009) and from the continuous GPS station GUAF
that we installed in 2009 (location in Fig. 2a; time series in
Supplementary Fig. 10). These combined land-level change rates
suggest Guafo has been subsiding continuously at an increasing
rate of ~8 to 16 mm year−1 since at least the l970s, with a mean
acceleration rate of 0.14 ± 0.08 mm year−2 (Fig. 5c).

History of interseismic locking rate from back-slip modeling.
From our history of land-level change we infer the evolution of
interseismic plate locking under certain assumptions regarding
the kinematics of the interplate seismogenic zone. In order to
isolate the component of deformation caused by interseismic
plate locking we first subtract the post-seismic viscoelastic model
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Figure 5. Time-series of daily solutions for northern (N), eastern (E) and vertical (U) component at continuous GPS stations LINC (left) and PJRT (right)
starting 12 June and 18 June, respectively. Displacements are relative to the South American craton; for processing details see Section 3.2. Black dots are daily
solutions with error bars, star marks the day of the eruption initiation (4 June). The time span of interferograms covering the time-series are highlighted in
different grey levels and indicated at the bottom of the North panel; white lines depict linear trends for the time spans of the individual interferograms as listed
in Table 4.

Table 4. Displacements (in m) both measured and modelled at GPS sites LINC and PJRT for the time span of the individual interferograms. For the LOS
component uncertainties for both GPS and MOGI are given.

LINC PJRT

East North Up LOS East North Up LOS

2011-06/2011-07 (30 d)

GPS 0.043 0.028 −0.020 −0.048 ± 0.011 0.004 0.019 −0.200 −0.158 ± 0.030
Mogi 0.057 0.050 −0.017 −0.060 ± 0.020 −0.028 0.067 −0.016 −0.020 ± 0.020

2011-07/2011-10 (90 d)

GPS 0.047 0.030 0.023 −0.019 ± 0.008 0.002 0.028 −0.003 −0.010 ± 0.004
Mogi 0.029 0.021 −0.010 −0.031 ± 0.020 −0.015 0.043 −0.014 −0.013 ± 0.020

2011-10/2011-12 (60 d)

GPS 0.025 0.016 0.052 0.020 ± 0.010 −0.003 0.016 −0.003 −0.005 ± 0.003
Mogi 0.015 0.011 −0.005 −0.016 ± 0.020 −0.006 0.025 −0.008 −0.009 ± 0.020

In the case of interferograms 2011-07/2011-10 and 2011-
10/2011-12, we note that the horizontal displacement observed at
LINC is well reproduced by the prediction of the Mogi sources
modelled from InSAR deformation. However, the uplift starting in
August cannot be explained by a deflating Mogi source. While this
disparity in the observed and modelled vertical displacement could
point to the existence of rheological and/or geometrical complexity
in the dynamics of the system that is not captured by the simple
Mogi model, a non-tectonic seasonal signal cannot be excluded.
Such seasonal vertical displacements are known from many GPS
sites and are often related to atmospheric or local hydrological load-
ing effects (e.g. Bevis et al. 2004; Tregoning & Watson 2009; Bos
et al. 2010). Although the neighbouring PJRT station does not show
a significant vertical movement in 2011after the pronounced initial
subsidence in June, newer data of that site reveal seasonal height
changes with a minimum in winter also typical for other stations
in the region, but of smaller amplitude (Báez, personal commu-
nication). The deformation recorded by PJRT between July and
September shows a northward displacement and no significant ver-
tical movement, while the Mogi model predicts a larger movement

towards NNW and subsidence comparable to that at LINC. The hor-
izontal residual amounts to 0.028 m towards SE. For the last time
period (interferogram 2011-10/2011-12) GPS-derived deformation
at PRJT and the prediction of the Mogi model coincide in direc-
tion with a slightly less pronounced deformation measured than
modelled.

6 C O M PA R I N G M O D E L L E D S O U RC E S
W I T H S E I S M I C I T Y

The seismic network recorded first signs of seismic unrest from
February to April 2011, consisting in sporadic but significant (ML
2 to 4.3) Volcano-Tectonic (VT) and some Very Long Period (VLP)
events located around the Cordillera Nevada caldera and the NW
part of Cordón Caulle graben. During the next month, magnitude
and frequency of seismicity gradually increased and expanded to the
whole Cordón Caulle graben inside its bounding structures (Fig. 7a,
NW-SE lineament). Few days before the eruption, the seismicity
rapidly increased in magnitude and frequency and concentrated
near the surface. At this stage, earthquakes were characterised by
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Table 3. Parameters of best-fitting models for the co-eruptive interferograms. For the Mogi models, location, depth and volume change were adjusted for. For
the Okada model, fixed parameters are marked with an asterisk. The rms values after the adjustment are listed as well.

Interferogram 2011-05/2011-06, 30 d, Mogi models

Location (UTM 18S) Depth [m] Volume [km3] rms [m]
734 500 m E, 5 515 300 m N 3400 −0.096 0.054
740 600 m E, 5 504 100 m N 3900 −0.017

Interferogram 2011-05/2011-06, 30 d, Okada model

Location (UTM 18S) Depth [m] Length∗ [m] Width∗ [m] Strike∗ [◦] Dip [◦] Rake [◦] Slip [m] Open [m]
735 000 m E, 5 513 000 m N 5500 4250 7250 139 42 −47 6.3 −2.0

Volume [km3] rms [m]
−0.062 0.082

Interferogram 2011-05/2011-06, 30 d, Okada + Mogi model

Volume [km3] rms [m]
−0.078 0.072

Interferogram 2011-06/2011-07, 30 d, Mogi model

Location (UTM 18S) Depth [m] Volume [km3] rms [m]
736 100 m E, 5 514 200 m N 5200 −0.169 0.022

Interferogram 2011-07/2011-10, 90 d, Mogi model

Location (UTM 18S) Depth [m] Volume [km3] rms [m]
736 800 m E, 5 512 500 m N 5700 −0.077 0.008

Interferogram 2011-10/2011-12, 60 d, Mogi model

Location (UTM 18S) Depth [m] Volume [km3] rms [m]
738 250 m E, 5 513 100 m N 6200 −0.047 0.011

Figure 4. Model of LOS deformation in interferograms in Fig. 2(e), (f) and (g). Black cross marks the location of the respective Mogi source, black triangles
indicate GPS sites, note different colour scales. The eruptive vent is marked by a star.

the eruption, the recorded deformation cannot be compared with
the predictions of the source models derived from interferogram
2011-05/2011-06. Results of the comparison between measured
and modelled displacements for the subsequent interferograms are
listed in Table 4.

As expected, the modelled horizontal displacements point to-
wards the centre of deformation (Fig. 6). The observed GPS vectors
differ from this direction by 6◦ for LINC and by 23◦ for PJRT. For
interferogram 2011-06/2011-07, displacements measured at LINC
agree with those computed from the Mogi source model within un-
certainties. For the station PJRT horizontal movement derived by
GPS for the time of interferogram 2011-06/2011-07 is of smaller
magnitude than the modelled one. On the contrary, measured subsi-

dence is one order of magnitude larger than predicted by the model.
Unfortunately, this large deformation cannot be verified by InSAR
directly because of the low coherence in this area, but the difference
between model and observation is well above the error bound of
the GPS measurements. The residual displacement at PJRT com-
paring the observation with the model prediction is 0.06 m in SE
direction and a subsidence of 0.18 m. Any monument instability
or local effect can be excluded, because the station has a steel
monumentation as it is conventionally used for CGPS sites and is
installed in a locally stable zone. However, this additional local ef-
fect could be related to the location of PJRT in the trace of the
LOFZ pointing to a possible movement of the structure during the
eruption.

Went et al., 2017, GJI
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et al., 2013, this volume) suggests that products 
of some Holocene eruptions previously attributed 
to the neighboring Michinmahuida stratovolcano 
were sourced at Chaitén Volcano, and there is new 
evidence that historical eruptions have occurred 
(Lara et al., 2013, this volume). Based on a geo-
logical reconnaissance, two volcanic units have 
been defined (SERNAGEOMIN-BGRM, 1995): a 
Pleistocene, undifferentiated pre-caldera sequence, 
and a post-caldera rhyolitic dome. The latter was 
considered older than 5.6 ka based on ages from 
archeological sites where obsidian tools have been 
found (Stern et al., 2002). The 3-km-wide caldera 

was in turn associated with an explosive event 
dated ca. 9.4 ka (Naranjo and Stern, 2004). The 
older volcanic pile rests on a basement formed by 
both Miocene granitoids and Paleozoic schists and 
gneises (SERNAGEOMIN-BRGM, 1995; Fig. 2).

Chaitén Volcano lies close to the the LOFZ main 
strand (Fig. 1). A plausible local setting is that it 
lies along a LOFZ-related pop-up structure similar 
to that depicted in other areas (e.g., Cembrano et                                                                           
al., 2002). Such a structure is consistent with struc-
tural data obtained from an east-dipping reverse fault 
found along the western boundary of this structure 
and along the master fault (Figs. 1, 2; Piña-Gauthier 
and Vega, 2010)1. Wicks et al. (2011) proposed this 
reverse fault as an effective path for magma migra-
tion during the short period of unrest that preceded 
the 2008 Chaitén eruption.

4. Overview of the Chaitén Volcano and 2008-
2009 eruption

On 2 May 2008 a large volcanic eruption began 
in the southern Andes without significant precursory 
activity (Carn et al., 2009). In fact, only 36 hours of 
seismic activity were recorded by distant instruments, 
located more than 300 km away from the Chaitén 
Volcano. On 30 April, some large volcano-tectonic 
(VT) earthquakes with coda magnitude up to 5 were 
located roughly at 20 km from Chaitén Volcano (Ba-
sualto et al., 2009). The number of large VT events 
reached up to 20 per hour on 2 May, coinciding with 
the first subplinian eruption which began approxi-
mately at 8:00 UTC (Lara, 2009; Major and Lara, 
2013, this volume). Seismicity declined abruptly by 
3 May, but sustained ash emission continued until 8 
May with several subplinian columns, the largest of 
which occurred on 6 May. The explosive phase of 
the eruption produced a total of ca. 0.5-1 km3 (bulk 
volume) of rhyolitic tephra (76% SiO2; Reich et                           
al., 2009; Castro and Dingwell, 2009; Watt et                                                                        
al., 2009; Alfano et al., 2011).

Extrusion of a rhyolitic dome began on about 12 
May (Major and Lara, 2013, this volume) although 
direct observation was not possible until 21 May. 
High but declining rates of dome growth (>20 m3/s,                                                                                 
even ca. 62 m3/s in some periods; Lara et al., 2009; 
Pallister et al., 2013, this volume) continued through 

1 Piña-Gauthier, M.; Vega, M. 2010. Caracterización geológica y geofísica del basamento del Complejo Volcánico Chaitén Michinmahuida. Report 
(Unpublished), Sernageomin: 40 p. 

FIG. 1. Location map of volcanoes and major tectonic structures 
for a segment of the Southern Andes. Conspicuous 
morphological faults/lineaments are shown, notably 
the Liquiñe-Ofqui Fault Zone (LOFZ). Volcanoes are 
indicated by black triangles. Regional GPS stations are 
indicated by red diamonds and temporary (campaign) 
GPS stations are indicated by gray diamonds. Red box 
indicates area of figure 2.
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were defined by visual inspection and correspond 
to natural breaks of the time series, supported by 
basic statistics. Goodness of fit is generally poor 
because of the scattering but acceptable for stages 
1 and 4 (Table 1).

5.2. Pre-eruptive ground deformation

Four years before the eruption, a cluster of 
seismicity around Chaitén Volcano was detected by 
a temporary seismic network (Lange et al., 2008; 

Fig. 2). Crustal events up to Mw 3.6 were recorded 
with two double-couple focal mechanisms that can 
be interpreted as strike-slip faulting along NW-
trending vertical structures rooted on the basement 
(Lange et al., 2008).

Distant GPS stations along the LOFZ appear to 
show subtle breaks in the vertical component of dis-
placement at the onset of the eruption (Piña-Gauthier 
et al., 2009). However, no systematic patterns of 
precursory deformation which could be related to 
inflation during the short buildup to the eruption 

FIG. 3. Time series of displacement components for the station CHAI, located 10 km west of the active vent atop the crystalline base-
PHQW��8QFHUWDLQW\�DW��ı�OHYHO�LV�LQGLFDWHG�RQO\�IRU�WKH�YHUWLFDO�FRPSRQHQW��+RUL]RQWDO�FRPSRQHQWV�KDYH�DQ�DYHUDJH�XQFHUWDLQW\�
below 2.36 cm/yr and are not represented. Linear regression was performed for each distinct stage of displacement in order to 
obtain velocities for these time windows (see Table 1). The most unambiguous variation is observed in the vertical component, 
which allows definition of five stages in terms of the co-eruptive ground deformation. 

Piña et al., 2009, Andean Geology
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Fig. 2. Ground surface displacement at the five GNSS stations operating at LdM. The red circles and associated name show the location of the GNSS stations. Blue dots with 
error bars are the observed GNSS data with their 1σ uncertainty. Red line shows the reconstructed GNSS data using the first component of the decomposition.

Table 1
Summary of the processed SAR data.

Satellite Mode Orbit Track Mean incidence angle 
(◦)

No. of SAR images Start End

Envisat IM Ascending 10 21 13 20030325 20061219
ALOS-1 IM Ascending 112 38.2 8 20070126 20101222
ALOS-1 IM Ascending 113 41.4 9 20070212 20110108
ALOS2 SM3 Descending 130 33 5 20150312 20170705
SENTINEL1 IW Ascending 18 33.3 33 20141030 20170728
SENTINEL1 IW Descending 83 33.3 32 20141023 20170721

only one interferogram formed from the C-band Envisat images ac-
quired in March 2003 and February 2004 is coherent, and it does 
not reveal any displacements. Consequently, we generate two in-
dependent ALOS-1 InSAR time series from tracks 112 and 113, 
using a similar approach to the one used previously. As the LOS are 
very close for these two tracks, we can compare the two resulting 
InSAR time series. This comparison shows a good agreement be-
tween the two independent datasets providing confidence in our 
InSAR processing (Fig. 4B). In order to make the GPS vectors geo-
metrically comparable with the InSAR data, we projected the GPS 
vector observed at MAU2 into the LOS of the track 112. To fill the 
gap between the end of InSAR measurement and the beginning of 
the acquisition at MAU2 we used the average velocity observed at 
MAU2 using ALOS1 data spanning the one-year period 2010–2011. 

In agreement with Le Mével et al. (2016), the reconstructed dis-
placement time history recorded at MAU2 from January 2007 to 
July 2017 highlights a clear decrease of the displacement rate at 
MAU2 from 24.4 cm/yr for the period spanning January 2007 to 
January 2011 and 15 cm/yr for the period spanning October 2014 
to January 2017 (Fig. 4B).

4. Mechanical modeling strategy

We first verify our assumption that the surface displacements 
measured by InSAR and GNSS could be related to a pressure in-
crease in a massive source. To determine the most appropriate 
geometry of such a source, we consider a variety of classical an-
alytical source geometries to model the surface displacements at 

C. Novoa et al. / Earth and Planetary Science Letters 521 (2019) 46–59 51

Fig. 4. Spatial and temporal behaviors of the ground surface displacement at LdM. A) Easting and vertical components of the mean displacement observed between November 
2014 to February 2017 obtained from the combination of the ascending and the descending Sentinel InSAR data. Left) Vertical component of the ground surface displacement. 
Right) Easting component of the ground surface displacement where negative and positive values indicate displacement to the west and to the east, respectively. Different 
color scales are used between the two maps in order to improve the contrast between them. B) Time series of LOS displacements and their uncertainties for ascending ALOS1 
InSAR and Ascending Sentinel data at the location of the GNSS station MAU2.

LdM (more details are in Supplemental section S3). Inversions fa-
vor flat-topped sources rather than spheres or prolate ellipsoids 
(see Supplemental Table S1), in agreement with the estimated ra-
tio of maximum horizontal to maximum vertical displacement, 
equal to about 0.31 according to GNSS measurements (Dieterich 
and Decker, 1975; Remy et al., 2014). Therefore, we explore how 
a large and wide flat-topped pressurized cavity immersed in an 
elastic crust, can simulate a reservoir filled with a low-viscosity 
magmatic fluid. We assume that the pressure increases within this 
large and wide flat-topped reservoir, with the shape of an ellip-
tical truncated cone. In a second step, and following authors like 
Jellinek and DePaolo (2003) or Le Mével et al. (2016) who consid-
ered a viscoelastic upper crust, we search for a model that would 
simulate the intrusion of new magma at the base of a large silicic 
mush reservoir itself acting as a viscoelastic boundary zone. We 
assume that this large reservoir is composed of largely crystallized 
rhyolite close to the solidus temperature (670 ◦C) or of country 
rock heated above the brittle-ductile transition (500–600 ◦C), as 
was deduced from geochemical and thermodynamic models for 
LdM (Andersen et al., 2017; Miller et al., 2017). We also assume 
that the timescale of surface deformation is very small compared 
to the temperature evolution of the system, with a diffusive time-
scale τ = L2/k ∼ 1 Myr (L ∼ 5 km the characteristic width of the 
reservoir and k ∼ 10−6 m2/s the thermal diffusivity). Therefore, it 
is reasonable to consider a steady-state temperature, and conse-
quently we define a steady-state viscosity inside a shell that be-

haves according to Maxwell viscoelasticity (Del Negro et al., 2008;
Currenti and Williams, 2014; Segall, 2016 and references therein). 
The main difficulty then stands in inferring the geometry of this 
reservoir. First, we verify that our finite-element method Adeli-3D 
(Hassani et al., 1997), which accounts for viscoelasticity, matches 
classical analytical solutions (e.g. Segall, 2010, details presented in 
Supplemental section S4). Then, we compare the results produced 
by Adeli-3D with those produced by the 3D-boundary-elements 
method MC3 (Cayol and Cornet, 1998) that accounts for elasticity 
only. Therefore, we compare the surface displacements produced 
by a truncated cone embedded in an elastic domain (with MC3) 
with those produced by this same truncated cone acting as a vis-
coelastic shell at the base of which a small pressure source is de-
fined (with Adeli-3D). Our results show that both models produce 
the same patterns of ground surface displacements after enough 
time allows for the complete transfer of pressure from the in-
ner source to the visco-elastic shell walls. This convergence, is 
expected from analytical models (Segall, 2010, for further details 
refer to Supplemental section S5). Therefore, taking these results 
into account, we first invert the observed ground surface displace-
ments considering that they are triggered by a pressure increase 
in an elliptical truncated cone embedded in an elastic medium 
(section 4.1), and second we use the geometrical parameters in-
ferred from that inversion to explore the influence of a viscoelastic 
response of this truncated cone on the temporal evolution of dis-
placement field (section 4.2).

Novoa et al., 2019, EPSL



Impact into GRF

SIRGAS-CHILE SIRGAS-CHILE 2013-2016 SIRGAS-CHILE/ EQ

The Helmert transformation does not work in Chile, even the use of velocities to transform
epochs, due to deformation and earthquakes. 
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Final Remarks
• We developed an integrated system to obtain moment magnitude and slip 

distributions with GNSS observations;

• Next step will be to include intraplate and fault system EQ and also a 
combination between displacement from GNSS and data from accelerometers 
to characterize large EQ;

• We generate high-quality observations, which are available in an ftp for the use 
of the general public. We also keep the observations of the IGS stations in 
Chile;

• We participate in several multidisciplinary  research project, national and 
international, to better understand the seismic cycle in Chile and, a relation 
between faults system and earthquakes.

https://scholar.google.com/citations?user=TeLKryYAAAAJ&hl=es
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Thank you for your attention!
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